Abstract. Tropical Pacific Ocean near-surface currents and their momentum and temperature balances are investigated using several data sets, including drifting buoy velocities and TOPEX/Poseidon altimetry. The data sets are combined to produce monthly surface current estimates on a uniform grid for the 6-year period 1993-1998, using multivariate optimal interpolation. The analysis shows dramatic changes in current from
Introduction
Although many models of air/sea interaction in the tropical Pacific assume that mixed layer temperature is controlled by diabatic mixing at its base [e.g., Suarez and Schopf, 1988] , others assume that it is governed by the mass and heat dynamics in the western Pacific warm pool, with zonal transport playing a key role [see, e.g., Wyrtki, 1985] . Indeed, Picaut et al. [1996] found that much of the monthly shift in the position of the pool of warm surface water that normally resides in the western basin can be explained by zonal advection of water within the mixed layer. Picaut et al. also found that the boundary between the warm pool of water to the west and the cooler water to the east defines a region of zonal convergence and subduction. The potential role of such advective processes in controlling sea surface temperature (SST) complicates our understanding of the air/sea feedback cycles leading to El Niño-Southern Oscillation (ENSO) [Picaut et al., 1997; An et al., 1999; Jin and An, 1999] . The purpose of this paper is to reexamine the contribution of horizontal advection to momentum and heat balances in the tropical Pacific during the extreme events of [1997] [1998] , making use of the extensive surface drifter and sea level data sets now available.
There is strong independent experimental evidence [see, e.g., Johnson and Luther, 1994; Qiao and Weisberg, 1997] that the momentum balance on seasonal and interannual timescales is generally linear and geostrophic away from the equator. Along the equator, Yu and McPhaden [1999] examined Tropical Atmosphere-Ocean (TAO) buoy data at four mooring locations and found a three-term balance in the zonal momentum equation between local acceleration, pressure gradient force, and wind stress whose relative strength must change as wind intensity and direction shift.
inate for interannual processes such as ENSO. Tropical instability waves [Baturin and Niiler, 1997] may also contribute to seasonal and interannual cycles because of their seasonality and dependence on mean shear.
In the central and western basin the story of the heat budget is complicated as well. As mentioned above, Picaut et al. [1996] and Delcroix and Picaut [1998] argue that on interannual timescales, changes of mixed layer temperature largely reflect changes in the anomalous zonal advection of water acting on the mean westward temperature gradient, while Wang and McPhaden [1999] additionally argue for the importance of surface heat flux.
The massive El Niño of 1997-1998 provides an exciting opportunity to reexamine the momentum and heat balances of the tropical Pacific under extreme conditions. The story of this El Niño begins with a series of westerly wind bursts in the western basin in late 1996 [Yu and Rienecker, 1998; McPhaden, 1999; Wang and Weisberg, 2000] . These westerly wind bursts, an enhancement of the normal Madden Julian Oscillation, were followed by a relaxation of the trade winds and warming of SST near the dateline in January-February 1997 and in the east by March. Instantaneous zonal velocity transects from acoustic Doppler current profiler (ADCP) meridional vertical sections taken from October 1996 through November 1998 by Johnson et al. [2000] show a strong eastward surface current anomaly on the equator in response to the relaxing trade winds, with peak velocities approaching 1 m s
Ϫ1
. As warm conditions were rapidly replaced by cold La Niña conditions and the trade winds accelerated (see McPhaden [1999] for a discussion), the current anomalies also reversed direction, forming a westward jet with its maximum speed (Ͼ1 m s Ϫ1 ) north of the equator. However, spatial discreteness and time sampling of these data complicate the assessment of time and spatial derivatives needed to estimate the momentum and heat budgets.
Fortunately for the cause of trying to understand momentum and heat balances during these extreme events, several new data sets have become available in recent years. Extensive deployments of drogued surface drifters by the World Ocean Circulation Experiment Surface Velocity Programme [Niiler et al., 1987; Hansen and Poulain, 1996] now provide ϳ3000 -4000 buoy days of direct currents observations per month in the tropical Pacific [Acero-Schertzer et al., 1997] . Much of the tropical ocean is in near-geostrophic balance with surface pressure. Thus satellite-based altimetry from the joint U.S./French TOPEX/Poseidon mission provides a powerful additional constraint on near-surface velocity. Indeed, Yu et al. [1995] have shown that the velocity estimates from these two data sets are remarkably consistent. We believe that the difference between the two is due to (ageostrophic) wind-driven effects, which Ralph and Niiler [1999] show can be explained to a considerable degree by Ekman-like dynamics, except when close to the equator.
The velocity analysis that we use for this study was constructed by combining drifter velocity and sea level data using multivariate optimal interpolation [Carton and Hackert, 1989; Daley, 1991] . We estimate the background (first guess) current as the long-term mean of drifter velocities. This background field is corrected with monthly mean observational increments of altimeter sea level and drifter data. We separately estimate geostrophic and ageostrophic components of the total velocity. Geostrophic error covariances have been extended to the equatorial ␤ plane on the basis of the Kelvin wave scaling of Picaut et al. [1989] and Menkes et al. [1995] . A simple linear friction is included to allow an Ekman-like balance to account for the ageostrophic component on the equator, following Lagerloef et al. [1999] . Our presentation of results begins with a kinematic description of currents during 1996 -1998 followed by a discussion of the corresponding zonal momentum and thermal balances.
Data and Analysis
This study is based on four data sets: altimeter sea level, drifter velocity, SST, and National Center for Environmental Prediction (NCEP) wind stress and surface heat fluxes. The TOPEX/Poseidon altimeter sea level is obtained from the Pathfinder version 2.1 archive [Koblinsky et al., 1997] . These data are available with a 9.92-day repeat cycle spanning the period from late September 1992 through November 1998. After the usual corrections for geophysical effects the sea level estimates have been averaged into 1Њ latitude segments. The nominal accuracy of these estimates when averaged monthly is 2 cm [Cheney et al., 1994] , while observed sea level anomalies are at least 4 times that amount.
The drouged surface drifter currents are obtained from the World Ocean Circulation Experiment/Tropical Ocean-Global Atmosphere archive at the Atlantic Ocean Marine Laboratory/ National Oceanic and Atmospheric Administration (NOAA). The data span the period from 1979 to November 1998. After the processing described by Hansen and Poulain [1996] we averaged currents into 3Њ longitude ϫ 2Њ latitude ϫ 1 month bins. These data form the basic velocity data set for this study. For velocity comparisons, additional moored velocity time series were obtained from the Pacific Marine Environmental Laboratory/NOAA [McPhaden et al., 1998 ]. An additional experiment was conducted including these moored observations in order to improve our estimates of currents along the equator.
The surface wind stress and the net heat flux through the ocean surface are obtained from monthly mean NCEP/ National Center for Atmospheric Research reanalysis product [Kalnay et al., 1996] . SST is the combined satellite advanced very high resolution radiometer (AVHRR)/in situ analysis of Reynolds and Smith [1994] . For the purpose of this study the wind stress, the heat flux, and the SST fields have been averaged into 3Њ ϫ 2Њ ϫ 1 month bins.
Our analysis methodology is a form of multivariate optimal interpolation [see Daley, 1991] , which is briefly summarized here. Let r k , 1 Յ k Յ K, define the analysis grid, while the spatial vectors r m , 1 Յ m Յ M, and r n , 1 Յ n Յ N, are the observation station locations for sea level and mixed layer velocity u, respectively. The analysis velocity u A may be written as a linear combination of the weighted differences between observations and a background estimate of sea level and velocity vector:
There are several possible choices for use as the background velocity field u k B , u n B . Lagerloef et al. [1999] derive flow estimates using a background estimate based on spatially smoothed altimetry, hydrographic climatology, and wind drift. A disadvantage of this approach is the introduction of bias into the background error. Here we have explored the use of the long-term average surface drifter field to define u k B , u n B . The background estimate of sea level, B , is similarly derived from the long-term averaged altimeter data. Sea level appears in (1) only in the form of observational increment, O Ϫ B . Much of the challenge in applying (1) is in evaluating the weights, W. We do this by minimizing the analysis error variance in (1), assuming unbiased, stationary statistics [see Daley, 1991] :
where
] is the K(M ϩ 2N) matrix of covariances between background velocity and sea level error components evaluated at the analysis and observation station locations. Similarly, B and O are (M ϩ 2N)(M ϩ 2N) matrices containing background and observation error covariances evaluated at different station locations:
Thus the weights W are small if the observations are either inaccurate or so closely distributed that they are duplicative. The elements of C, B, and O are difficult to estimate accurately. Instead of trying to do this we apply a variety of simplifying assumptions. First, we assume that O is diagonal, meaning that the observation errors are uncorrelated. Normalizing O by the analysis variance (assumed homogeneous), the elements along the diagonal of O are simply the ratio of noiseto-signal variances. This ratio we assume to be 4 for 1-s averaged altimetry, following Carton et al. [1996] . We do not yet have good estimates of the noise-to-signal ratio for velocity observations because of our lack of knowledge of unresolved physical processes. Here we assume a ratio of 0.2, following Carton and Hackert [1989] . Finally, we set the background error covariance noise-to-signal ratios to 1. Observational noise is a combination of instrument error and error of interpolation including that introduced by unresolved physics. One problem in particular is noise due to aliasing of inertial motions and tropical instability waves into the drifter observations. We attempt to mitigate these effects by only including measurements at locations where at least 10 buoy days/month of independent observations are available.
To complete our statistics, we begin by defining the background sea level error covariance B and deriving all other background error covariances from this. To assure that all derived error covariances have appropriate properties (i.e., positive definiteness, compactness, and continuous derivatives), we choose B to have a very simple homogeneous Gaussian form:
r x ϭ 450 km, r y ϭ 250 km, where ( ) 2 is the sea level error variance, assumed to be spatially homogeneous, and where (⌬x, ⌬y) are the zonal and meridional displacements of the vector ⌬r ϭ r q Ϫ r p . Our estimates of horizontal length scales, r x , r y , follow those of Carton et al. [2000] .
In order to derive the remaining covariance submatrices it is helpful and reasonable to assume a dynamical relationship between sea level and velocity. We begin by assuming that analysis, observation, and background velocity can be decomposed into a geostrophic and a wind-driven component, u ϭ Following Lagerloef et al. [1999] , we assume that u w satisfies an Ekman-like equation balancing the difference between wind-induced momentum flux and linear friction by the Coriolis force:
where k is the vertical unit vector and is water density. Some assumption must be made regarding H, the depth scale over which wind-induced momentum is distributed (see Ralph and Niiler [1999] for discussion of possible options). Here we use the thickness of the ocean mixed layer provided by the ocean reanalysis of Carton et al. [2000] as a proxy for H and estimate the friction coefficient r by assuming that the mean meridional velocity near the equator is mainly wind-driven. On the basis of this assumption we estimate r ϭ 2 ϫ 10 Ϫ4 m s Ϫ1 , a value similar to that proposed by Lagerloef et al. [1999] . Then we subtract u w from each term (u k A , u n O , and u n B ) before evaluating (2). Thus (2) becomes an equation for the geostrophic component of u A . Evaluation of (2) requires error covariances. These are derived from (4) by applying geostrophy and are presented in Appendix A. The error variances and covariances vary spatially. We account for these variations by solving (1) in a series of 5 ϫ 3 (longitude ϫ latitude) grid point patches (10Њ ϫ 9Њ).
Within a radius of deformation of the equator the Coriolis term can no longer be considered constant within a grid patch, and indeed, the geostrophic approximation may be invalid. However, if we accept Kelvin wave scaling following Menkes et al. [1995] , then we can assume that background errors (again these are differences between the first guess and the true value) for zonal geostrophic velocity ␦u g on the equator are related to background sea level errors Following Carton and Hackert [1989] and Lagerloef et al. [1999] and allowing a smooth transition to equatorial dynamics,
where F() decreases smoothly as latitude approaches zero with a scale estimated by the first-mode equatorial radius of deformation. The proper assumption to make for the meridional velocity component error ␦v g is less clear. Following the Kelvin wave analogy, we have assumed that background errors of sea level and meridional velocity decorrelate near the equator, as expressed in (7). For a positive sea level error on the equator, (6) and (7) together imply convergence to the east of the anomaly and divergence to the west. The analysis results for March 1998 are illustrated in Figure  1 . This analysis takes place during the late stage of the intense 1997-1998 El Niño when equatorial currents are already westward at speeds of up to 1 m s Ϫ1 in the west. In the east the currents are weaker, indicating divergence in the zonal direction. North of the equator a weak eastward countercurrent is evident in the analysis even though it is not apparent in the drifter observations. The drifter data coverage during this month is not dense along the equator because of the dispersing effects of the strong currents. The relative impact of sea level and drifter observations as well as the accuracy of the analysis are explored in Figure 2 . At three equatorial locations (165ЊE, 140ЊW, and 110ЊW) the mean analysis (and observed) zonal velocities were 22 cm s
, and Ϫ19 cm s Ϫ1 (Ϫ14 cm s Ϫ1 ) based on the same time during which buoy data are available. Hence the difference between the buoy and the analysis currents does not exceed 25% of the standard deviation of current (around 50 cm s Ϫ1 for zonal velocity). The largest bias of 12 cm s Ϫ1 at 165ЊE may simply reflect statistical uncertainty (the buoy at this location was only in operation for 3.5 years). The mean analysis (and observed) meridional components were 0.5 cm s Ϫ1 (1 cm s Ϫ1 ), Ϫ3 cm s Ϫ1 (Ϫ1 cm s Ϫ1 ), and 2 cm s Ϫ1 (5 cm s Ϫ1 ). The differences are small compared to standard deviation of meridional current, which is around 10 cm s Ϫ1 . The standard deviations of analysis minus observed difference velocities are 29, 38, and 31 cm s Ϫ1 for the zonal component and 16, 12, and 10 cm s Ϫ1 for the meridional component at 165ЊE, 140ЊW, and 110ЊW, respectively. When the analysis is based solely on sea level () observations (the first two terms on the right-hand side of (1)), the main features of variability remain although the amplitudes are reduced.
Results
We begin our presentation of results by examining the changes in surface current during the dramatic events of 1997-1998. Throughout the following discussion the time mean 1993-1998 fields (u , T , ) are removed. This focuses attention on the behavior of anomalies from the time mean. We choose not to remove the seasonal cycle because of the close connection between seasonal cycle and ENSO. For the latest 1997-1998 ENSO event this connection was clearly demonstrated by McPhaden [1999] .
In late 1996 a strong eastward current developed in the western Pacific basin in response to local westerly wind bursts (Figure 3) . By March-April 1997 the ocean responded to these disturbances in wind and current with a simultaneous increase in SST and sea level in the central and eastern basins (see Figure 4 , April 1997), while the eastward current became concentrated in the equatorial zone. During this season the strong eastward equatorial current was down the slope of sea level, while off the equator the current was weaker and variable. However, as 1997 progressed, the region of westerly wind anomalies shifted eastward and the equatorial current in the west weakened (December 1997 in Figure 4 ). For much of 1996 and early 1997, SST changed in phase with zonal velocity along the equator (see Figure 3) . This, coupled with a negative zonal gradient of SST to the west along the equator, suggests an important role for advection in regulating central and eastern SST.
In midbasin the current remained eastward even though the pressure gradient reversed sign, so that by August the eastward current was flowing up the slope of sea level. Interestingly, east of 120ЊW a temporary reversal of eastward flow appeared in August-September 1997 (see Figure 3 and Figure 4 , August) and was also observed in ADCP transports by Johnson et al. [2000] . The presence of a local westward jet in the eastern equatorial Pacific occurred in conjunction with the cooling of SST (compare zonal velocity and SST in Figure 3) . The eastward equatorial current persisted until the boreal spring of 1998 when it shifted to westward west of 150ЊW, again allowing the current to flow downhill (see Figure 4 , April 1998). By the fall of 1998 the zonal pressure gradient relaxed, although the current continued to flow westward. During this later stage, zonal advection and SST do not seem closely linked (see also Figure 5 ). The equatorial currents swung to the west between December and January, but SST remained high through April 1998. This suggests that advection plays a lesser role in regulating SST during this stage.
In this kinematic discussion it has been evident that changes in the zonal pressure gradient follow shifts in the direction of the equatorial currents. The correspondence between variations of zonal velocity and SST varies significantly with time and becomes smaller during the late stage. To obtain a more quantitative understanding of the relationship between these terms, we now evaluate the zonal momentum balance and temperature budget. There is strong experimental evidence to conclude [see, e.g., Johnson and Luther, 1994] that the momentum balance is linear and geostrophic to within 5Њ of the equator. Qiao and Weisberg [1997] extend this conclusion into the equatorial zone by showing that the momentum balance in the equatorial mixed layer remains essentially linear. This balance was also investigated at four TAO mooring locations by Yu and McPhaden [1999] . On seasonal cycle and interannual timescales they found a three-term balance between local acceleration Ѩu/Ѩt, zonal pressure gradient force ϪgѨ/Ѩ x, and wind stress x :
At interannual timescales, acceleration is small, and the pressure gradient force balances wind stress. Zonal currents are in phase with these two terms, as was explicitly shown by Johnston and Merrifield [2000] , who found that interannual geostrophic current anomalies derived from the tide gauge network data vary in phase with both zonal wind stress and sea level in the near-equatorial western Pacific Ocean. At shorter seasonal periods, acceleration becomes important, so that the development of an anomalous zonal pressure gradient lags behind changes in wind stress and local acceleration. Although the mooring data provide good sampling in time and depth, their spatial coverage is very limited. Here we apply methodology similar to that of Johnston and Merrifield [2000] to examine the applicability of this three-term balance throughout the basin during the extreme events of 1997-1998. Figure 6 shows results for 3 months during the early, middle, and late stages of El Niño. For this comparison, acceleration and spatial derivatives have been estimated using central differences. Error estimates (see Appendix B) are included in Figure 2 . Velocity comparisons at three mooring locations. Four estimates are compared: 10-m moored currents (TAO), surface drifter observations (drifter), and analysis velocity (analysis), and analysis velocity without drifter data ( only). Figure 6 (bottom) to indicate the uncertainties in the various data sets. We select April 1997 to represent the early stage of El Niño, when the currents reverse and SST is increasing (see Figure 3) . We choose August 1997 to characterize the conditions during the middle stage, when the rate of change of the SST is relatively low. We choose May 1998 to represent the late stage, when the SST begins to drop in the eastern basin.
In April 1997, when the easterly winds begin to reverse, they can no longer balance the negative pressure gradient associated with sea level. As a result, the currents across the basin accelerate eastward. The close balance between the three terms in (8) suggests, to within the errors of estimates, that friction and nonlinearity play lesser roles during this onset phase in the surface layer. Including our estimates of horizontal advection, for example, does not improve agreement between acceleration and force terms in (8); however, our estimate is quite uncertain (Ϯ5 ϫ 10 Ϫ7 m s Ϫ2 ). By the middle stage (August 1997) the positive trade wind anomalies have extended farther eastward nearly in balance with the pressure gradient force. As a result, the zonal acceleration is close to zero along the equator west of 150ЊW. For 50Њ east of 150ЊW an eastward pressure gradient accelerates a westward current (see Figure 3 and 140ЊW and 110ЊW in Figure 2) . By the late stage (May 1998) the positive trade wind anomalies have shifted far to the east. However, an intense negative pressure gradient force causes a strong westward acceleration of up to 4 cm s Ϫ1 d Ϫ1 . In summary (see Figure 7) , the three-term balance applies for much of the basin (correlation Ͼ0.4). The exception is a 20Њ band of longitudes from 140ЊW to 120ЊW. In this band of longitudes, which is a region of rather strong zonal gradient of the thermocline depth and cool surface temperatures, acceleration and the sum of wind stress and pressure gradient force become uncorrelated. The low correlation is not a result of missing advection or of nearequatorial sampling problems. It is not improved by including observations from the TAO moorings in the analysis. We believe that the missing dynamics are nonlinearity (at least, vertical advection) and mixing processes. We can anticipate similar results for the heat budget. Now we examine the heat balance during the same three stages examined for momentum, focusing on spatial variations along the equator. Written for anomalies from the long-term mean and averaged over the upper ocean mixed layer of depth H, this balance becomes, following Moisan and Niiler [1998] ,
where C p is specific heat capacity of water and F 0 and F w are downward anomaly heat fluxes across the air-sea interface and at the bottom of the mixed layer, respectively. F 0 represents the net surface radiative flux actually absorbed by the mixed layer (following Wang and McPhaden [1999] ), and F w represents the heat flux out of base of the mixed layer and is a combination of entrainment and vertical turbulent diffusion. We estimate all terms in (9), except F w , using velocity analysis, SST, surface fluxes, and mixed layer depth. Then we diagnose times/places where F w might be significant by comparing the SST rate of change to the sum of terms on the right-hand side of (9), accounting for the effects of horizontal transport and surface fluxes. For this comparison, rate of change and spatial derivatives were estimated as central differences. During the early stage (see Figure 8 , April 1997), accelerating eastward currents transport the waters of the western warm pool toward the east. This transport is mainly due to anomaly current advection acting on the mean SST gradient Ϫ(u ⅐ ٌT ), and gives warming east of 180ЊW. Net surface flux is small except east of 120ЊW, where it acts to cool the ocean. This drop results from two factors: first, a drop in incoming short-wave radiation resulting from increased cloudiness over already warm waters and second, an increase of latent heat loss. Surface flux, advection, and heat storage rate balance west of 110ЊW to within our error estimates. Thus heat flux due to other processes such as entrainment must play a lesser role. We conclude that during this early stage the increase of SST is balanced by eastward advection of warm pool waters by the zonal current, as was suggested by Picaut et al. [1996] and Delcroix and Picaut [1998] . East of 110ЊW the left-and righthand sides of (9) balance each other to within the errors of our data. Nevertheless, ѨT/Ѩt exceeds the sum of fluxes. Examination of the ocean reanalysis shows that the mixed layer thickness averaged 120Њ-80ЊW increased to 30 -35 m from the 15-20 m observed in late 1996. This deepening of the thermocline acts to reduce the effect of heat loss across the bottom of the mixed layer on its temperature because of larger H.
During the middle stage (see Figure 8 , August), SST is relatively steady (ѨT/Ѩt Ϸ 0). Heat gain by horizontal advection is compensated for by surface heat loss over already warm waters west of 120ЊW. East of 120ЊW, surface heat loss increases while horizontal advection remains small, and additional heat gain to the mixed layer is needed to complete the balance. Examination of the ocean reanalysis shows that the mixed layer depth (120ЊW-80ЊW) increases by 25 m, again acting to reduce the effect of heat loss across its bottom on the SST. Note that our reasoning regarding the need for the anom- aly heat gain into the deepening mixed layer in the eastern tropical Pacific during the early and middle stages is not conclusive because of the large uncertainties in the estimates. By the late stage (May 1998), SST drops in the eastern half of the basin at a much more rapid rate than can be explained by advection or surface heat flux and seems to be potentially related to the entrainment from a shallowing thermocline (the mixed depth H averaged over 160ЊW-120ЊW decreases to 30 -35 m from its normal value of ϳ50 m). Consequently, the entrainment and subthermocline mixing increase, leading to an increase of F w that results in a more rapid SST decrease because this heat loss acts on a thinner mixed layer. Note that in contrast to the early stage where SST increases were supported primarily by anomalous currents acting on a mean temperature gradient, in the middle and late stages all advective terms contribute comparably.
In summary (see Figure 7) , as we found in the momentum balances, terms in the heat equation (9) become decorellated in the band of longitudes 140ЊW-120ЊW (and perhaps farther eastward). To the west, higher correlations indicate the important roles of temperature advection and surface fluxes in establishing the anomaly heat balance. To the east, lower correlations indicate the existence of other processes such as mixing at the bottom of the mixed layer and mixing by tropical instability waves [Baturin and Niiler, 1997] . This result is consistent with Wang and McPhaden's [1999] estimates of vertical heat flux out of the base of the mixed layer.
Summary
Near-surface currents play a key role in seasonal to interannual variability in the tropical Pacific Ocean. The recent availability of extensive drogued surface drifter observations has allowed us to explore this role through direct observations. During the dramatic events of 1997-1998 we find massive changes in heat distribution and currents. Describing these changes and interpreting their impact on transports of momentum and heat as well as introducing a new data set are the goals of this study. Here we focus on the balances for three specific months: April 1997, representing the early stage; August 1997, representing the middle stage; and May 1998, representing the late stage of the 1997-1998 El Niño.
We found that during this time the linear three-term equation describes reasonably well the balance between local accel- eration, pressure gradient, and wind forcing. The temperature balance is nonlinear, and relative contribution of the transport terms changes in time.
Our story begins in late 1996 and early 1997 with a 1 m s
Ϫ1
eastward current anomaly equatorially trapped in the western basin, produced in response to a succession of westerly wind bursts. This current extended toward the east throughout the summer of 1997, supported by a pressure gradient force also acting in the eastward direction. The accelerating eastward currents transported the warm waters of the western warm pool east of 180ЊW, causing a rapid warming in mixed layer temperature as the anomalous currents acted on the mean temperature gradient, as was suggested by Picaut et al. [1996] and Delcroix and Picaut [1998] . Net surface flux was small at this time except east of 120ЊW, where it acted to cool the ocean as a result of increased cloudiness and latent heat loss. By the middle stage in August the positive trade wind anomalies had extended further eastward nearly in balance with the pressure gradient force now acting to decelerate the flow. As a result, the zonal acceleration was close to zero west of 150ЊW. SST during this period was steady. West of 120ЊW, advective heat gain was balanced by surface heat loss over already warm waters. East of 120ЊW, surface heat loss was larger, while horizontal advection remained small. In this far eastern region, additional anomalous heat gain likely came from the anomalous deepening of the thermocline by 25 m and the consequent reduction in cooling due to mixing and transport across the base of this layer.
By the later stage in May 1998 the positive trade wind anomalies shifted far to the east. However, an intense negative pressure gradient force caused a strong westward acceleration. SST decreased rapidly in the eastern half of the basin. This decrease was larger than could be balanced by advection or surface heat flux and seems clearly to have been related to the loss of heat associated with the entrainment from a shallowing thermocline (which rose by 25 m between 160ЊW and 120ЊW).
Our results show the interplay in the mixed layer temperature budget between advection, surface fluxes, and diagnosed vertical heat flux out of the base of the mixed layer. The relative importance of each term varies along the equator and in time as the 1997-1998 El Niño progresses.
The robustness of our conclusions depends on the accuracy of the surface velocity analysis. The authors foresee improvement of this analysis through the use of additional information such as historical ship drifts, TAO buoy currents, and ADCP measurements.
Appendix A
After some algebra [see Daley, 1981, p. 164 ] the covariance functions take the form 
Appendix B: Error Estimates
Let ( x) denote the standard error of any variable x. Our estimate of the accuracy of the velocity analysis is based on a posteriori comparison with TAO mooring measurements. Here we accept that (u) ϭ 0.3 m s Ϫ1 and (v) ϭ 0.1 m s
Ϫ1
are equal to typical values of standard deviation between analysis current and buoy data. Thus the error of the acceleration term is (Ѩu/Ѩt) ϭ ͌ 2(u)/⌬t Ϸ 10 Ϫ7 m s Ϫ2 for central differences taken at ⌬t ϭ 2 months. If we assume the sea level error () ϭ 2 cm for 1Њ ϫ 1Њ ϫ 1 month binned data (following Cheney et al. [1994] ) and add a smoothing factor n ϭ 6 for data averaged into a 2Њ ϫ 3Њ ϫ 1 month grid (accounting for independent measurement errors at different locations), then the standard error of the sea level slope becomes ( gѨ/ Ѩ x) ϭ g ͌ 2/n()/⌬x Ϸ 2 ϫ 10 Ϫ7 m s Ϫ2 . The wind stress error (( x )) dependence on wind speed error ((U)) follows from a simple bulk formula based on a drag coefficient C D and equals ( x ) ϭ 2 ͌ C D a /͉ x ͉(U). To estimate ( x ), we accept (U) ϭ 1 m s Ϫ1 and C D ϭ 1.4 ϫ 10 Ϫ3 . Error estimates in the temperature equations follow similar reasoning. We assume that the SST observations are subject to a random error of (T) ϭ 0.1ЊC. This estimate follows from a maximum value of 0.4ЊC for deviation from in situ data of the 1Њ ϫ 1Њ weekly SST analysis by Reynolds and Smith [1994] and a factor of 1/24 0.5 accounting for monthly averaging and 2Њ ϫ 3Њ smoothing. Thus the standard error is ( Ѩ T / Ѩ t ) ϭ ͌ 2(T)/⌬t ϭ 0.3 ϫ 10 Ϫ7 ЊC s Ϫ1 . Errors in the advection term derive primarily from errors in velocity ( Q u ) ϭ (8)) and heat budget (equation (9)) equations. The correlation between zonal acceleration and the difference between anomaly zonal wind stress and anomaly zonal pressure gradient is denoted by a thick line, while the correlation between SST rate of change and the difference between net heat flux and temperature advection is denoted by a thin line. 
